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[1] Variations in the isotopic content (18O/16O and D/H ratios) of water in the natural
environment provide a valuable tracer of the present-day global hydrologic cycle and a
record of the climate over at least 400,000 years that is preserved in glacial ice. The
interpretation of observed isotopic ratios in water vapor, rain, snow, and ice depends on
our understanding of the processes (mainly phase changes) that produce isotopic
fractionation. Whereas equilibrium isotopic fractionation is well understood, kinetic
effects, or diffusion-controlled fractionation, has a limited experimental foundation.
Kinetic effects are significant during evaporation into unsaturated air and during
condensation to form ice from vapor. Kinetic effects are also thought to control the
deuterium excess (d = dD � 8d18O) of precipitation. We describe experiments to observe
kinetic effects associated with evaporation. Analysis of our own and previous
experiments shows that surface cooling of the liquid is a crucial variable affecting
fractionation from evaporating water that has not been properly considered before.
Including the effects of evaporative surface cooling reconciles observed D/H fractionation
with kinetic theory and removes the need to invoke an unusual size for the HDO
molecule. Thus the isotopic molecular diffusivity ratios are D(H2

18O)/D(H2
16O) = 0.9691

and D(HD16O)/D(H2
16O) = 0.9839. Implications of this work for representation of kinetic

fractionation in global circulation models and cloud physics models are briefly
discussed. INDEX TERMS: 0320 Atmospheric Composition and Structure: Cloud physics and chemistry;

0322 Atmospheric Composition and Structure: Constituent sources and sinks; 1655 Global Change: Water

cycles (1836); 1899 Hydrology: General or miscellaneous; KEYWORDS: evaporation, water isotopes,

deuterium excess, hydrologic cycle
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1. Introduction

[2] Water plays a central role in atmospheric chemistry
and climate. Despite the obvious importance of water we
still lack a mechanistic understanding of its global cycle that
permits rigorous scaling of molecular properties and pro-
cesses to the kilometer scales of clouds and the global scales
of moisture transport. The most detailed and important
sources of data constraining climate change during the last
400,000 years are records of the isotopic ratios of 18O/16O
and D/H from glacial ice in Antarctica [Petit et al., 1999;
Vimeux et al., 2001] and Greenland [White et al., 1997].
However, the processes that affect isotopic ratios in high-
latitude precipitation are complex, making direct inference

of paleotemperatures and other climate parameters from the
isotopic record difficult [e.g., Cuffey et al., 1994; Jouzel et
al., 1997; Hendricks et al., 2000].
[3] Evaporation, as the first step in the hydrologic

cycle, plays a crucial role in determining isotope ratios
found in global precipitation and ice core records. In
addition, isotope effects during evaporation from plants
determine the isotopic composition of oxygen in atmospheric
CO2 and O2 [Farquhar et al., 1993; Bender et al., 1994].
If the atmosphere-ocean system was in thermodynamic
equilibrium, then determination of the isotope ratios in
evaporation would be a trivial problem, as equilibrium
vapor pressure isotope effects are well understood both
theoretically [Bigeleisen, 1961] and experimentally [Horita
and Wesolowski, 1994]. The atmosphere is, however, an
inherently nonequilibrium system, and both microscopic
properties of water and macroscopic transport of water
molecules through the air are important controls over
isotope fractionation in water vapor and in precipitation
[Craig and Gordon, 1965; Merlivat and Jouzel, 1979;
Hendricks et al., 2000; Kavanaugh and Cuffey, 2003]. In
the language of atmospheric modelers the transport effects
are referred to as kinetic effects, not to be confused with a
standard kinetic isotope effect, which refers to isotope-
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dependent reaction rates of a specific microscopic process.
Craig et al. [1963] showed that kinetic effects and
molecular exchange between an evaporating liquid and
atmospheric water vapor both affect fractionation during
evaporation. Experiments by Stewart [1975] and Merlivat
and Coantic [1975] confirmed that these kinetic effects are
present during evaporation from liquid droplets and that
the total fractionation depends on relative humidity of the
ambient environment.
[4] The theoretical formulation of kinetic effects during

evaporation as implemented in most global circulation
models (GCMs) is based on the work ofMerlivat and Jouzel
[1979]. Underlying this model is a physical description of
evaporation that accounts for transport of water isotopomers
between the liquid-air interface and the turbulent boundary
layer and that depends explicitly on both the relative
humidity and water surface temperature. The microphysical
predictions from this model have not been rigorously
tested, although they are loosely consistent with laboratory
data. Comparison of global scale predictions from GCMs
fitted with water isotope transport schemes using this
parameterization have been extensively compared with
atmospheric precipitation measurements of dD and d18O
obtained by the IAEA and others [Jouzel et al., 1987;
Armengaud et al., 1998; Hoffmann et al., 1998; Jouzel et
al., 2000]. (The d notation is defined as d18O (or dD) =
1000(Rsample/RSMOW � 1), where R � [18O]/[16O] (or R �
[D]/[H]) and RSMOW is the corresponding ratio in Vienna
standard mean ocean water (SMOW) or V-SMOW.)
The dD and d18O model output from GCMs yields a
reasonable approximation to measurements. However, a
large discrepancy in the deuterium excess (d = dD � 8d18O
[Dansgaard, 1964]) is found. This is particularly clear at high
latitudes where differences of 2–5% have been reported
between model and observation [Hoffmann et al., 1998;
Jouzel et al., 2000] and in simulations of seasonal distribu-
tions of d, which produce cycles that are much larger than
that observed and even give unrealistic negative values
[Jouzel et al., 1987; Werner et al., 1998].
[5] Equilibrium considerations yield a value of d close to

zero at 25�C, whereas the value of d in global precipitation
is found to be near +10%. The sensitivity of d to
temperature under equilibrium conditions is 0.4% �C�1,
which implies that a value of d = +10% corresponds to an
equilibrium temperature of 70�C; one clear indication that
an equilibrium approximation is a poor representation of
isotopes in the Earth’s hydrologic cycle. This positive
difference is usually explained as resulting from diffusive
transport playing a large role in evaporation. Diffusive
transport leads to greater fractionation of the light iso-

topomers during nonequilibrium processes when molecular
diffusion (as opposed to turbulent diffusion) is important.
Thus the deuterium excess in precipitation and atmospheric
water vapor provides information about the role of diffu-
sive transport in the boundary layer at the evaporative
source and about source temperatures that cannot be
obtained from dD or d18O individually. The particular
difficulties associated with modeling d in GCMs and other
less-complex models indicate that there may be a problem
associated with how evaporation is parameterized in these
models.
[6] In this paper we describe new experiments to measure

the fractionation of water during evaporation. Our analysis
focuses on the diffusivity ratios of H2

18O/H2
16O and HDO/

H2O in N2, and we reconsider models of evaporation in
light of the recent experiments by Ward and Stanga [2001],
who measured significant surface cooling in the top few
millimeters of evaporating water.

2. Methods

[7] We measured isotopic ratios of both liquid and vapor
samples during evaporation of the liquid into an airstream of
constant relative humidity (h). The constant h airstream was
generated by mixing dry and saturated airstreams in the
appropriate ratio. The saturated airstream was generated by
flowing dry N2 derived from the boil off of liquid N2

through a series of six 4-L bubblers filled with distilled
water. The final bubbler was temperature regulated in order
to control the absolute amount of water vapor present in the
airstream. The flow rates of the dry (Fdry) and saturated
(Fsat) N2 streams were independently controlled using mass-
flow controllers (MKS type 1179A). The two nitrogen
streams were recombined (F = Fdry + Fsat) and directed
into a sealed, temperature-regulated chamber (l � w � h =
0.38 m � 0.13 m � 0.07 m), see Figure 1. The relative
humidity and temperature were continuously monitored in
the inflow to the chamber, within the chamber just above the
evaporation dish and in the outflow from the chamber using
a set of hygrometers (HIH-3602C) and thermocouples
(Omega 5TC-TT-K-36-72). A small fan was used inside
the chamber to enhance mixing. The outflow could be
directed through a water vapor trap for vapor collection.
The trap consisted of Teflon tubing (1.27 cm i.d.) in four
loops placed in a MeOH/EtOH/dry ice bath such that the
total length of tubing in the alcohol bath was �1.22 m.
[8] Distilled water was used for all experiments without

further purification or degassing. At the start of each
experiment a sample of the incident vapor was collected.
A glass dish (r = 3.28 cm, h = 5.07 cm) was filled with

Figure 1. Experimental setup.
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water precooled to the same temperature as the final
bubbler. An initial water sample was collected, the start
mass recorded, and the water dish placed in the chamber.
The chamber was sealed, and a sample of the outgoing
vapor was collected. At the end of each measurement
period, typically 24 hours, the same three water samples
were collected (the vapor out, liquid, and vapor in). The
water dish was weighed before and after the liquid sample
was taken.
[9] Isotope analyses of the samples were carried out on a

Finnegan-MAT Delta Plus XL isotope ratio mass spectrom-
eter at the Center for Stable Isotope Biogeochemistry at the
University of California at Berkeley. Water 18O/16O ratios
were determined by the standard CO2 equilibration tech-
nique [Bottinga and Craig, 1969]. Water D/H ratios were
determined by reduction of the water samples to H2 (H2O)
and HD (HDO) over a chromium catalyst maintained at
900�C

2Cr þ 3H2O ! Cr2O3 þ 3H2; ð1Þ

with subsequent measurement of the hydrogen isotope
ratios [Donnelly et al., 2001]. Isotopic ratios were
determined relative to internal standards, and delta values
are expressed relative to V-SMOW (d = R/RV-SMOW � 1).
[10] Separate experiments at different humidities and gas

flow rates were conducted. The average evaporation rate, E,
was calculated for each experiment from the measured
decrease in liquid mass over time. The evaporation rate
decreased slightly over the course of each experiment as the
liquid level dropped in the evaporation dish. This measured
value can be compared to the evaporation rate calculated
from mass balance, which requires [von Caemmerer and
Farquhar, 1981]

E ¼ F
w0 � weð Þ
1� w0ð Þ ; ð2Þ

where F is the total flow rate in moles per second and wx

is the mole fraction of water entering (x = e) and exiting
(x = 0) the chamber. The mole fractions are determined
from the partial pressure of water, p, relative to the
pressure at the outlet (ambient). The water vapor partial
pressures are calculated from the measured relative
humidity and temperature, where p = hp0 with p0 the
saturation vapor pressure at that temperature as given by
Wexler [1976]. Table 1 lists the conditions of each
experiment as well as the measured and calculated
evaporation rates. For all experiments the calculated
evaporation rate is the same as the measured value, with
the exception of one of the 0% h runs (run a), which
indicated that the partial pressure of water in the outgoing

vapor for this experiment as determined from hout and
Tout is too small. If the error is in the h measurement
rather than the temperature measurement, then the relative
humidity of the outgoing vapor was 14.5%, instead of the
10.3% observed. It is unclear what caused this error as
the discrepancy is outside the specified accuracy (±2%) of
the hygrometer.

3. Results and Discussion

[11] The 18O/16O and D/H isotope ratios measured during
each stage in the liquid and outgoing vapor are listed in
Table 2. For all experiments the liquid (and consequently
the outgoing vapor) became isotopically heavier as evapo-

Table 1. Experimental Conditions and Evaporation Rates

hin, % Trial hout, % Tin, �C Tout, �C
F,

mmol s�1 Tliq, �C
Measured E,
mmol m�2 s�1

Calculated E,
mmol m�2 s�1

51.2 a 60.8 19.4 18.9 6.96 18.8 3.65 3.65
51.4 b 66.5 20.0 20.0 3.45 19.9 3.52 3.56
20.4 45.3 20.0 20.1 6.96 19.8 5.94 6.03
0 a 10.3 20.0 20.4 6.96 19.9 7.08 5.02
0 b 18.9 19.6 19.3 6.96 18.8 8.45 8.58

Table 2. Isotope Ratios Measured in the Liquid and Outgoing

Vapor for Each Experimenta

Stage
ftot
Total

f
Stage

Liquid Vapor Out a*eff
d18O dD d18O dD 18O/16O D/H

50% h (Trial a)
0 1 �13.08 �95.36 �24.29 �167.48
1 0.67 0.67 �7.24 �69.78 �22.31 �160.34 0.9851 0.9249
2 0.5 0.74 �4.31 �55.31 �22.03 �159.56 0.9901 0.9479
3 0.36 0.72 �2.02 �44.76 �21.71 �157.51 0.9929 0.9656
4 0.21 0.58 0.21 �32.77 �20.9 �153.54 0.9959 0.9771
5 0.15 0.71 1.02 �27.87 �20.34 �150.92 0.9977 0.9853

50% h (Trial b)
0 1 �13.75 �95.81 �24.85 �166.87
1 0.96 0.96 �12.97 �92.51 �24.73 �166.97 0.9817 0.9161
2 0.87 0.91 �11.65 �86.16 �23.53 �163.63 0.9854 0.9240
3 0.74 0.85 �9.26 �75.98 �22.61 �159 0.9851 0.9318
4 0.58 0.78 �6.57 �63.51 �21.45 �155 0.9892 0.9465
5 0.45 0.78 �4.48 �53.41 �20.26 �149.94 0.9917 0.9577
6 0.25 0.55 �1.71 �38.23 �18.97 �143.06 0.9954 0.9734

20% h
0 1 �13.82 �95.95 �27.36 �168.51
1 0.84 0.84 �10.96 �82.8 �25.44 �161.82 0.9830 0.9150
2 0.73 0.87 �8.6 �71.93 �23.88 �155.24 0.9836 0.9187
3 0.61 0.84 �5.96 �59.09 �21.62 �147.29 0.9848 0.9216
4 0.49 0.82 �2.82 �44.41 �19.06 �135.36 0.9844 0.9234
5 0.39 0.79 0.55 �27.79 �17.41 �128.01 0.9855 0.9260

0% h (Trial a)
0 1 �13.2 �94.1 �32.73 �151.84
1 0.69 0.69 �5.85 �64.81 �26.37 �147.09 0.9797 0.9131
2 0.44 0.63 3.67 �26.7 �17.16 �111.6 0.9791 0.9126
3 0.32 0.72 10.53 2.62 �10.44 �86.74 0.9790 0.9086
4 0.15 0.47 27.48 75.23 4.79 �23.16 0.9780 0.9074

0% h (Trial b)
0 1 �13.42 �93.99 �31.86 �169.49
1 0.75 0.75 �7.67 �70.02 �26.81 �150.78 0.9800 0.9102
2 0.39 0.52 4.74 �16.45 �14.35 �102.41 0.9810 0.9142
3 0.11 0.29 29.01 99.92 8.95 �0.71 0.9806 0.9091
aValues are given in %.
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ration progressed. In an equilibrium batch distillation the
isotopic ratio of the liquid should evolve according to the
Rayleigh equation,

ln Rliq=Rliq;t¼0

� �
¼ aeff* � 1ð Þln f ; ð3Þ

where Rliq is the isotopic ratio in the liquid at the end of
each stage, Rliq,t = 0 is the ratio at the start of each stage, f is
the fraction of water remaining at the end of each stage and
a*eff is the effective fractionation factor during that stage
(where the asterisk indicates that the fractionation factors
are for the liquid/vapor). Although the system under
consideration is not an equilibrium system, an average
effective fractionation factor can be calculated for each
stage of the experiments, with the assumption that the
variation in the isotopic ratios over each time step is
approximately linear, which is what was observed. In
particular, during the experiments where hin = 0% and hin =
20%, the effective fractionation factor was nearly constant
over the course of the experiment because the variation in
the isotopic composition of the liquid is linear against ln fliq
(Figure 2). However, for the experiments where hin > 20%,
a*eff ! 1 as ln fliq ! 0 because the isotopic ratios of the
liquid and the evaporation approach a stationary value at
long times. This is caused by the higher flux of water
molecules transferred from the vapor to the liquid in the
experiments when h > 20%. Nonetheless, we have collected
water and vapor samples sufficiently often that use of the
Rayleigh equation for each stage is still valid for the
experiments where a*eff is not a constant (hin > 20%).
[12] If we assume that the boundary layer between the

liquid surface and the ‘‘free atmosphere’’ is at evaporative
steady state, then the effective fractionation factor, a*eff in
equation (3), can be expressed as

aeff* ¼ adiffusion*
aeqm* � h Ra=Rlð Þ

1� h

� �
; ð4Þ

where a*eqm is the temperature-dependent equilibrium
fractionation factor, h is the relative humidity, Ra is the
isotopic ratio of the ‘‘free atmosphere,’’ Rl is the isotopic
ratio in the liquid and a*diffusion is a fractionation term that
accounts for differences in the molecular transport properties
of the water isotopomers [Hendricks, 1999]. Equation (4) is
derived in detail in Appendix A. For these experiments, Ra =
Rout and h = hout. The equilibrium fractionation factors used
in application of equation (4) were calculated using the bulk
water temperature, and the expressions were reported by
Horita and Wesolowski [1994] for both D/H and 18O/16O
fractionation.
[13] All the terms in equation (4) are known except for

a*diffusion. We estimate a*diffusion = KH/KL where K is a
turbulent diffusion constant that takes into account the
effects of turbulence on the system and H indicates the
heavy isotopomer and L the light isotopomer. As a simple
first approximation this turbulent diffusivity ratio can be
written as [Stewart, 1975]

adiffusion*
KH

KL

¼ DH

DL

� �n
; ð5Þ

where D is the molecular diffusivity and n is a parameter
that ranges from 0 (completely turbulent diffusion)
to 1 (molecular diffusion). For water vapor in N2 at 0�C
the molecular diffusivity is 2.190 � 10�5 m2 s�1 [Massman,
1998].
[14] The molecular diffusivity ratio can be calculated

from the kinetic theory of gases as

DH

DL

¼ ML MH þMGð Þ
MH ML þMGð Þ

� �1=2 �L þ �G

�H þ �G

� �2

; ð6Þ

where M is the molecular mass of the water isotopomer, and
� is the collision diameter of the molecules. The subscript G
refers to the bath gas. For isotopomeric molecules, we
assume that the collision diameters are identical, and
therefore DH/DL depends only on the masses. DH/DL is
equal to 0.984 and 0.969 for HD16O/H2

16O and H2
18O/H2

16O
diffusion in N2, respectively. This assumption conflicts with
the analysis of Merlivat [1978], henceforth referred to as
M78, that argues for different collision diameters and is
discussed in more detail below.
[15] In Figure 3 we show the dD-d18O relationship

observed for each experiment. The average slope for all
experiments is 4.34, rather than the value of �8 of the
meteoric water line. Differences in turbulent diffusion are
largely responsible for the range of d excess observed in the
lab and on the Earth. Despite the different d-f relationships
observed for each experiment (depending on the particular
experimental conditions), the same linear dD-d18O relation-
ship is observed for all the experiments. The dD-d18O slope
is approximately the same in the five different experiments
because the diffusion effects are similar in these five
experiments.

3.1. Surface Cooling

[16] If heat is not supplied rapidly to the surface of an
evaporating liquid the endothermic nature of the process
will cause the surface to cool below the bulk value.
Recently, Ward and Stanga [2001] have shown that this

Figure 2. Evolution of d18O over the course of each
experiment is shown versus ftot (on a logarithmic scale). A
linear relationship is observed for hin = 0% (trial a, solid
circle) and (trial b, open circle) and hin = 20% (+), whereas
for hin = 50% (trial a, solid square) and (trial b, open square)
the isotopic ratios approach steady state as f ! 0.
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cooling may be large (>25�C) for H2O when evaporation is
fast and that the temperature gradient that is induced persists
within only the top few millimeters of the liquid surface.
Additionally, they observed an �0.5-mm-thick layer at the
surface of evaporating H2O that has an approximately
uniform temperature that is colder than the bulk. On the
basis of their measurements we assume that the surface of
the evaporating water in our experiments is cooler than the
bulk liquid temperature. As the molecules evaporate at the
surface, the value of a*eqm used in equation (4) should be a
larger number, one appropriate for a cooled surface rather
than the value that corresponds to the bulk temperature.
This change in a*eqm affects D/H fractionation to a larger
extent than 18O/16O fractionation due to the stronger tem-
perature dependence of a*eqm (D/H).
[17] Using data from Fang and Ward [1999] we calculate

that the surface cooling at �19�C and evaporation rates of
�4.57 mmol m�2 s�1 should be�0.505�Cmmol�1 m�2 s�1.
For the surface area of our evaporation dish (3.38� 10�3 m2)
this translates to surface cooling for the 50% hin experiments
of 1.9�C (trial a) and 1.8�C (trial b), for the 20% hin
experiment of 3.0�C and for the 0% hin experiments of
3.6�C (trial a) and 4.3�C (trial b).
[18] The influence of surface cooling on a*diffusion is

shown in Figure 4 (note the difference in the x and y
scales). We calculate a*diffusion for the 20% h experiment
using coolings of 0�, 1�, 3�, and 5�C. For a surface cooling
of �3�C, the measured values of a*diffusion are in accordance
with a*diffusion calculated with equation (5), using a value of
0.40 for n and our assumption that all the H2O isotopomers
have the same collision diameter. This average value of n
was determined from equation (6) and the experimentally
derived a*diffusion for both D/H and 18O/16O fractionation.
Without surface cooling our model would be incapable of
representing the observations and we would be led to the
same conclusion as M78 that different collision diameters
are required to give the model the flexibility needed to
describe the observations. We solve for a*diffusion for each
experiment (Table 3). The reported values are the average of

all stages for a given experiment and the 1s values are the
standard deviation of the average. We compare the surface
coolings calculated from the observed evaporation rates to
those required to bring the results from each experiment into
exact agreement with the kinetic theory and our approxi-
mation of the form of a*diffusion (equation (6)). For this
model, it is necessary that n is conserved between D/H and
18O/16O fractionation. Thus equation (6) can be rearranged
to determine n for the experiment, and the surface cooling,
which controls a*diffusion, can be adjusted until n(D/H) =
n(18O/16O). The surface coolings required are 2.0� and
1.1�C for 50% hin (trial a) and (trial b), 4.0�C for 20%
hin, and 6.4� and 5.0�C for 0% hin (trial a) and (trial b),
corresponding to n values of 0.33, 0.32, 0.33, 0.39, and
0.37, respectively. The values are consistent, although not
identical to the coolings listed in Table 3, which are
calculated based on the measured evaporation rates. In
contrast, if the M78 diffusivity ratios are used a physically
unrealistic surface ‘‘warming’’ of a few tenths of a degree is
required to explain the 50% (trial b) hin results with n =
0.37, and the largest surface cooling is predicted for the

Figure 3. The dD versus d18O (liquid) values for each
experiment. A linear relationship is observed with a best fit
to all the data of dD = 4.34d18O � 35.8. See Figure 2 for
symbols.

Figure 4. The a*diffusion values calculated for D/H and
18O/16O fractionation for the 20% h experiment using the
bulk liquid temperature (solid square), and surface coolings
of 1� (solid circle), 3� (solid triangle), and 5�C (solid
diamond). The reported values are the average of all stages
for this experiment, and the error bars are the standard
deviation of the average.

Table 3. Average Diffusion-Controlled Fractionation Factors,

a*diffusion, Determined for Each Experiment After Including the

Effect of Surface Coolinga

Experiment

D/H 18O/16O

�T, Ka*diffusion 1s a*diffusion 1s

50% (trial a) 0.9943 0.0021 0.9898 0.0003 �1.9
50% (trial b) 0.9969 0.0027 0.9901 0.0013 �1.8
20% 0.9926 0.0006 0.9895 0.0004 �3.0
0% (trial a) 0.9902 0.0038 0.9876 0.0007 �3.6
0% (trial b) 0.9925 0.0031 0.9885 0.0006 �4.3

a�T is the amount of surface cooling expected based on the measured
evaporation rate as calculated from the results of Fang and Ward [1999].
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20% hin results rather than for the dry N2 experiments, as is
expected from the observed evaporation rates.

3.2. Molecular Diffusivity Ratios

[19] Experiments observing dD and d18O of evaporation
described in M78 were interpreted as demonstrating DHDO/
DH2O

equal to 0.9755 and DH2
18O=DH2

16O equal to 0.9727.
These values are quite different from those predicted by the
kinetic theory of gases (0.9839 for D/H and 0.9691 for
18O/16O). It was suggested in M78 that this difference was
due to the various water isotopomers having different
collision diameters. If surface cooling effects are considered
rather than collision diameter differences for the M78
measurements, then a surface cooling of �4.1�C explains
the M78 measurements without invoking different collision
diameters. This amount of cooling would be associated
with an evaporation rate of 8.10 mmol m�2 s�1 or 3.24 �
10�5 mol s�1 (A = 4 � 10�3 m2), not an unreasonable
value. Unfortunately, the experimental evaporation rates are
not reported by M78 for comparison.
[20] Although surface cooling does allow us to make

sense of the D/H observations of M78, the 18O/16O results
described in their paper cannot be explained by surface
cooling. M78 suggests that the diffusivity ratio of 18O/16O is
larger than that predicted from kinetic theory, and the data
were interpreted to imply �H16

2 O > �H18
2 O or �H18

2 O > �H16
2 O =

0.9955. In addition to the evidence for surface cooling
from Ward and Stanga [2001] and our own observations
there is little evidence for isotopic size differences large
enough to affect diffusivity ratios to the extent indicated by
M78. The collision diameter of a molecule is determined
primarily by the strength of interaction between molecules
(Van der Waals forces, dispersion forces, etc.) and only
secondarily by the actual molecular dimensions (bond
lengths, angles). Therefore for isotopomeric molecules such
as H2

16O, H2
18O, and HDO the collision diameters should

be identical under the Born-Oppenheimer approximation
[Hirschfelder, 1954]. We have found no satisfactory expla-
nation for the 18O/16O measurements of M78 and suggest
that additional effort to observe 18O/16O ratios in evapora-
tion would be useful.
[21] Our surface cooling analysis is, however, consistent

with all other experiments we are aware of that observe
isotope effects during evaporation of H2O. Experiments by
Stewart [1975] indirectly measured DH/DL for water in N2,
Ar, and He. In Table 4 we calculate DH/DL for HD16O/
H2

16O in N2, Ar, and He from equation (8) and using the
data from Stewart [1975]. If a surface cooling of 2�C is
assumed for the water droplets in the Stewart experiments

the D/H results are in nearly exact agreement with the
kinetic theory when �H = �L. If the collision diameter ratios
from M78 are used in equation (8), the calculated values of
DH/DL are too small for D/H and too large for 18O/16O to be
consistent with Stewart’s measurements. The collision
diameters used were �(N2) = 3.7 Å, �(Ar) = 3.58 Å,
�(He) = 2.15 Å, and �(H2

16O) = 4.42 Å [Lide, 2001].
There is also better agreement of the ratios for 18O/16O, but
the differences are more subtle due to the weak temperature
dependence of a*eqm (18O/16O).
[22] As additional evidence for identical collision diam-

eters for isotopomers, consider N2 and CO, which are
isoelectronic molecules and should therefore have very
similar collision diameters if electronic effects dominate.
Viscosity measurements [Lide, 2001] indicate that the
collision diameters of these molecules are nearly identical
(3.697 and 3.708 Å for N2 and CO, respectively, a differ-
ence of 1 part in 300), whereas the molecular bond lengths
are quite different (1.094 and 1.1282 Å, respectively, a
difference 10 times larger) [Sutton, 1965]. CO is not
symmetric; thus the distance between the carbon atom and
the center of mass increases the apparent molecular size of
CO to 1.2894 Å (making the difference nearly 50 times
larger).
[23] The ratio of the diffusivities of CO and N2 in O2,

DCO,O2
/DN2,O2

, can be calculated from equation (8) using
both viscosity-derived collision diameters and bond lengths.
It is found that

DCO;O2
=DN2;O2

viscosityð Þ ¼ 0:997

DCO;O2
=DN2 ;O2

bond lengthsð Þ ¼ 0:850

DCO;O2
=DN2;O2

experimentalð Þ ¼ 0:999;

where the experimental value is taken from Massman
[1998]. (The O2 collision diameter used is 3.546 Å and the
O2 bond length 1.207 Å.) The viscosity-derived ratio is
much closer to the experimental ratio than the bond-
length-derived ratio indicating that it is the collision
diameter and not explicitly the bond lengths and angles
that are important in controlling molecular diffusion.
Considering the similarity of the molecular diffusion
constants for CO and N2 and the large difference in bond
lengths, it is unlikely that the slight differences in the
molecular dimensions of the water isotopomers would lead
to significant differences in the collision diameters or
diffusion constants.

3.3. Atmospheric Implications

[24] The isotopic composition of evaporation is calculated
according to

dE=1000þ 1ð Þ ¼ aeff* dL=1000þ 1ð Þ; ð7Þ

where dE is the isotopic composition of the evaporation and
dL is the isotopic composition of the water. The a*eff is as
given in equation (5) and is dependent on temperature,
relative humidity, a*diffusion, and da (da � the isotopic
composition of the atmosphere with respect to the ocean).
Isotope fractionation during evaporation in GCMs is
typically implemented according to the formulation of

Table 4. Di/D as Calculated From Equation (8) and Measured by

Stewart [1975] for HD16O Versus H2
16Oa

N2 Ar He

Equation (8)
Single size parameter 0.984 0.982 0.995
Isotope-dependent size (M78) 0.976 0.973 0.985

Stewart [1975]
Surface cooling = 0�C 0.980 0.977 0.991
Surface cooling = 2�C 0.985 0.982 0.995

aThe calculated values are considered with the collision diameters of the
water isotopomers equal and with those determined by M78.
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Merlivat and Jouzel [1979], which is based on M78 and has
no role for the evaporation rate effect on surface
temperature. In the work of Merlivat and Jouzel [1979]
the formulation for a*diffusion is

adiffusion* ¼ DL=DH½ �n�1

DL=DH½ �nþrT=rM
; ð8Þ

where rT and rM are the turbulent and molecular resistances
[Brutsaert, 1975a, 1975b], respectively, which depend on
various geophysical parameters including horizontal wind
speed at 10 m and air viscosity. The value of n is dependent
on whether the water-atmosphere interface is smooth or
rough. Explicit expressions to calculate rT/rM for both
smooth and rough interfaces are given by Merlivat and
Jouzel [1979], but they also show a simple relationship
between a*diffusion and 10-m wind speed (in Merlivat
and Jouzel [1979] a*diffusion is referred to as k). In our
analysis above we have used an approximate form of
equation (8), which is more appropriate to laboratory
conditions, to describe the diffusion-controlled fractionation
(see equation (5)).
[25] The difference in dE calculated using the surface-

cooling model of evaporation described in this paper (hence-
forth referred to as the CHDC model) with �L = �H instead
of the M78 model is controlled by the variation in a*diffusion ,
which depends explicitly on the values ofDH/DL used. As an
example, a*diffusion is calculated from equation (8) using
DH/DL values from both the CHDC and the M78 models
assuming a smooth interface with a 10-m wind speed of
U = 5 m/s (rT/rM = 2.01): The isotope effects(e*diffusion =
1000(1 � a*diffusion)) are e*diffusion,CHDC(D/H) = 3.61% and
e*diffusion,CHDC (18O/16O) = 6.98%; e*diffusion,M78 (D/H) =
5.51% and e*diffusion,M78 (

18O/16O) = 6.25%. It is interesting
to note that e*diffusion,CHDC (D/H) is smaller than e*diffusion,M78

(D/H), while e*diffusion,CHDC (18O/16O) is slightly larger than
e*diffusion,M78 (

18O/16O). Continuing the example, the value of
dE is determined from these values of a*diffusion over the range
0.6 � h < 0.8 by substitution in equation (7).
[26] The specific values of dE that are obtained depend

strongly on the values used for da. However, it is found that
the difference�E (

18O or D) = dE,CHDC � dE,M78 or�E (d ) =
dCHDC � dM78 is nearly constant over a large range of da.
We use daD = �86% and da

18O = �12% (which are
reasonable values at low latitudes, where most evaporation
occurs) such that da = +10%. We estimate the extent of
surface cooling in a given region by consideration of
observed evaporation rates. In the subtropics where annual
mean evaporation rates are approximately 1.5 m yr�1

[Peixoto and Oort, 1992] a surface cooling of 1.6�C is
predicted from the results of Fang and Ward [1999]. This
surface cooling is taken into account by calculating �E at
T = 23.4�C for the CHDC model, while for the M78 model
T = 25�C. It is found that �1.1% > �E (

18O) > �1.4% and
�2.1% > �E (D) > �5.6% over the range 60–80% h. For
the deuterium excess, 6.4% > �E (d) > 5.4% over the same
range. Thus if the M78 diffusivity ratios are used to
calculate k, d is underestimated by about 6%, while both
d18O and dD are overestimated relative to the CHDC model.
This difference is sensitive to relative humidity because
kinetic effects contribute to a greater extent to the total
fractionation as humidity decreases (see equation (4)), as is

seen in the variation in the �E values given above.
Additionally, this humidity effect is evident in the absolute
d values calculated for the above conditions, with d chang-
ing from �0% at h = 86% to 47% at h = 40% for our model
(Figure 5). This variation in d with humidity is independent
of the values specified for da so long as da is held constant.
However, when da is increased (decreased) from +10% d
decreases (increases) for a given value of h.
[27] Evaporative cooling of the ocean surface has been

observed experimentally through comparison of radiometric
measurements of the open ocean surface temperature, which
are sensitive to the top �10 mm of the ocean surface, to
simultaneous thermistor measurements of the bulk ocean
[Wick et al., 1996; Donlon et al., 1999]. The extent of
oceanic surface cooling has been shown to depend on wind
speed, with coolings up to 0.6�C observed at low wind
speeds (<5 m s�1). The larger surface coolings observed by
Fang and Ward [1999] may be explained by the static
conditions, relative to the open ocean, of their laboratory
experiments. It is important to note that as wind speed
decreases, equilibrium fractionation decreases because sur-
face cooling is less significant, whereas diffusive fraction-
ation, as predicted by theMerlivat and Jouzel [1979] model,
increases. If �T = 0.6�C is instead used for the difference
between the CHDC and M78 models, 0.3% > �E (

18O) >
�0.9%, �0.9% > �E (D) > �1.0% and 7.2% > �E (d) >
6.9% over the range 60–80% h. Despite the decrease in the
amount of surface cooling assumed compared to above, the
deviation in the deuterium excess increases to about 7%
between the CHDC and M78 models.
[28] Hoffmann et al. [1998], using the ECHAM3-T42

GCM, found the results for annual average deuterium
excess values of Antarctic precipitation 2–5% lower than
observations. We have shown that inclusion of more real-
istic diffusivity ratios and surface cooling due to evapora-
tion forces d in the direction of this discrepancy for the
initial evaporating vapor. Evidently, it is necessary to

Figure 5. Deuterium excess values calculated for the net
evaporate as a function of humidity with Tsurface = 25�C.
The solid line corresponds to dDa = �86%, d18Oa = �12%,
and da = +10%. For the dashed line dDa = �84% such that
da = +12% and for the dotted line dDa = �88% such that
da = +8%.
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completely explore the magnitude of this effect and how it
affects d globally (particularly at high latitudes) through
implementation into GCMs; however, the difference in
�E (d ) predicted from this analysis is large and should be
observable in GCMs in addition to the smaller differences in
�E(

18O) and �E(D).

4. Conclusions

[29] The effects of diffusion-controlled fractionation dur-
ing evaporation under nonequilibrium conditions have been
investigated. When modeling water isotope fractionation it
is necessary to consider the surface temperature rather than
the bulk temperature of the evaporating liquid, as it is this
temperature that determines the equilibrium fractionation
factors to be used. Once surface cooling is properly
accounted for in laboratory measurements we have shown
that the ratio of molecular diffusivities of isotopic water
molecules is well represented by the classical kinetic theory
of gases, i.e., there is no observable isotope dependence in
effective molecular collision diameter as suggested by M78.
We suggest that these isotope diffusivity ratios (D18O

/D16O
=

0.9691 and DD/DH = 0.9839) should be used when model-
ing water isotope fractionation.
[30] These results have an important consequence for the

inclusion of water isotopes in GCMs and other simple
models as the parameterization of isotope fractionation
during evaporation depends on both the molecular diffusiv-
ity ratios and the specified surface temperature. Use of the
M78 diffusivity ratios in evaporation models yields deute-
rium excess values that are too small compared with the
CHDC model presented here in which the kinetic theory
diffusivity ratios are used and surface cooling is explicitly
accounted for. In addition, molecular diffusion is believed to
play a major role in fractionating isotopes during the
formation of ice crystals in clouds at T < �20�C [Jouzel
and Merlivat, 1984]. The change in diffusivity ratios we
advocate will have significant impact on the isotopic com-
position of high-latitude precipitation where cloud temper-
atures are below 20�C.
[31] When modeling water isotope fractionation it is

necessary to consider the surface temperature rather than
the bulk temperature of the evaporating liquid, as it is this
temperature that determines the equilibrium fractionation
factors to be used. Experimentally it may prove difficult to
measure the amount of cooling at the surface of the ocean
or a lake, although use of radiometric measurements of
surface temperature combined with in situ bulk temperature
measurements show promise in this regard. However, in
order to consider surface cooling on a global scale, we
suggest that observed or modeled evaporation rates can be
used to infer the surface cooling using the laboratory
measurements of Fang and Ward [1999]. This would
provide a method to account for surface cooling in GCMs
that include water isotopes.

Appendix A: Steady State Evaporation Model

[32] Evaporation is modeled assuming a turbulent bound-
ary layer separates the liquid surface from the well-mixed
free atmosphere (see Figure A1). If the water vapor profile
in this boundary layer is at steady state, it is necessary that

the fluxes of all molecular species across the boundary
layer-free atmosphere interface are equal to the fluxes across
the liquid-boundary layer interface. Isotopic fractionation
occurs during transport across the liquid-air interface and
during transport through the boundary layer.
[33] The net flux of water through the boundary layer-free

atmosphere interface is

E ¼ K
ps � pa

z

h i
; ðA1Þ

where E is the evaporation rate, ps is vapor pressure of water
immediately above the liquid surface, pa is the water vapor
pressure in the free atmosphere, z is the boundary layer
height, and K is an effective diffusivity that combines the
effects of molecular and turbulent diffusion.
[34] The isotopic ratio of water transported into the free

atmosphere, Re, is defined as the ratio of equation (A1) for
the isotopic species (either H2

18O or HDO) to that for H2O
such that

Re ¼
Ei

E
¼ Ki

K

pis � pia
ps � pa

� �
: ðA2Þ

[35] At the liquid-boundary layer interface the net flux of
water is described by

E ¼ g peq � ps
� �

; ðA3Þ

where

g ¼ c 2pmkTð Þ�1=2 ðA4Þ

and peq is the saturation vapor pressure of H2O at the liquid
surface, m is the molecular mass of the H2O, and k is the
Boltzmann constant. The evaporation/condensation coeffi-
cient c for water defined as the ratio of the number of
gaseous molecules that condense on the liquid surface to the
total number of gaseous molecules that strike the surface.

Figure A1. Model of evaporation. The vapor pressure of
H2O is p and the vapor pressure of H2

18O or HDO is pi. The
subscript a indicates conditions of the free atmosphere, s
indicates the actual conditions of the atmosphere at the
ocean-boundary layer interface and eq indicates conditions
of the atmosphere in equilibrium with the ocean at the
temperature of the ocean-boundary layer interface.
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When relative humidity at the liquid surface is 100% peq = ps
and the net evaporation rate is zero.
[36] Since at steady state the fluxes through the liquid-air

interface (equation (A4)) and the boundary layer-free atmo-
sphere interface (equation (A1)) are equal it is found that

K
ps � pa

z

h i
¼ g peq � ps

� �
: ðA5Þ

[37] By solving equation (A5) and its isotopic analogue
for ps and ps

i respectively, and substituting into equation
(A2) we have an expression for the isotopic ratios in
evaporation that is dependent on only the conditions of
the free atmosphere and of the bulk liquid. It is not
necessary to know the conditions at the surface.

Re ¼
Ki

K

pieq þ
Ki

giz
pia

1þ Ki

giz

� pia

2
664

3
775

peq þ
K

gz
pa

1þ K

gz

� pa

2
664

3
775
�1

: ðA6Þ

[38] This equation is greatly simplified by writing it in
terms of isotopic ratios (Rx) and humidities relative to the
saturation vapor at conditions of the ocean surface (hx). This
is done by multiplying the numerator and denominator of
equation (A6) by 1/peq and using the following substitution.

pix
peq

¼ pixpx

pxpeq
¼ Rxhx; ðA7Þ

where x = eq, s, or a. If x = eq, hx = 1. The result is a useful
expression for the istopic ratio of evaporation:

Re ¼
Ki

K

1þ K=gz

1þ Ki=giz

� �
Req � haRa

1� ha

� �
: ðA8Þ

[39] We define an effective fractionation factor as the
ratio of the isotopic ratio in evaporation to the isotopic ratio
of the liquid (aeff = Re/RL).

aeff* ¼ Re

RL

¼ adiffusion*
aeqm* � ha

Ra

RL

1� ha

2
64

3
75; ðA9Þ

where

a

diffusion ¼

Ki

K

1þ K=gz

1þ Ki=giz

� �
; ðA10Þ

and a*eqm is the equilibrium fractionation factor(Req/RL).
From equation (A10) we see that the diffusion-controlled
fractionation factor, a*diffusion, depends on the size of the
boundary layer, diffusivities, and g, which depends on
temperature, molecular masses, and evaporation/condensa-
tion coefficients. However, equation (A10) can be approxi-
mated as a*diffusion = Ki/K because g = O (1022 s m�1 kg�1),
whereas z will range from cm to m and K from 10�5 to
1 m2 s�1. Thus the term in brackets is nearly unity.
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